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Abstract. The coupled thermosphere-ionosphere-plas-
masphere model CTIP is used to study the global three-
dimensional circulation and its eect on neutral
composition in the midlatitude F-layer. At equinox,
the vertical air motion is basically up by day, down by
night, and the atomic oxygen/molecular nitrogen O=N2
concentration ratio is symmetrical about the equator. At
solstice there is a summer-to-winter flow of air, with
downwelling at subauroral latitudes in winter that
produces regions of large O=N2 ratio. Because the
thermospheric circulation is influenced by the high-
latitude energy inputs, which are related to the geometry
of the Earth’s magnetic field, the latitude of the
downwelling regions varies with longitude. The down-
welling regions give rise to large F2-layer electron
densities when they are sunlit, but not when they are
in darkness, with implications for the distribution of
seasonal and semiannual variations of the F2-layer. It is
also found that the vertical distributions of O and N2
may depart appreciably from diusive equilibrium at
heights up to about 160 km, especially in the summer
hemisphere where there is strong upwelling.
Key words. Atmospheric composition and structure
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1 Introduction
It has long been known that the F2-layer shows seasonal
and semiannual anomalies that depart from normal
solar-controlled behaviour. They are described in some
detail by Yonezawa and Arima (1959) and by Torr and
Torr (1973); for historical details and theories of origin,
see Rishbeth (1998). Briefly, the winter or seasonal
anomaly exists if (daytime) NmF2 is greater in winter
than in summer, the semiannual anomaly exists if NmF2
is greater at equinox than at solstice.
From their study of the increase of F2-layer electron
density just after sunrise, Rishbeth and Setty (1961)
suggested that the seasonal anomaly is caused by
changes in chemical composition, specifically in the
ratio of the concentrations of atomic oxygen and
molecular nitrogen. Such changes of the O=N2 ratio
would also account for the anomaly in noon NmF2. At
that time, the O=N2 ratio at F-region heights was
almost unknown and any seasonal change was just a
hypothesis. However, Johnson (1964) and King (1964)
suggested by qualitative arguments that the atomic/
molecular ratio is influenced by summer-to-winter
transport, and some years later Duncan (1969) advanced
the idea that the composition changes are caused by
global-scale vertical and horizontal winds associated
with a worldwide thermospheric circulation. Shimazaki
(1972) showed that large-scale vertical motions are more
eective than turbulence or eddy diusion in changing
thermospheric composition.
Duncan’s (1969) idea that the composition changes
are caused by a global circulation in the thermosphere
was eventually fully confirmed by global modelling of
the thermosphere (Fuller-Rowell and Rees, 1983), and
the seasonal composition changes were detected exper-
imentally. Millward et al. (1996a) showed that the
seasonal composition changes, taken in conjunction
with the seasonal changes of solar zenith angle, can
broadly account for the existence of both annual and
semiannual variations in NmF2. This has been con-
firmed by a comprehensive modelling study by Zou et al.
(in preparation 1999).
The present work describes the first detailed compu-
tational study of the vertical circulation and the related
variations of the neutral O=N2 ratio. Section 2 presents
the theory, Sect. 3 gives necessary details of the CTIP
model, Sects. 4 and 5 describe the computed patterns of
the horizontal and vertical variations of the verticalCorrespondence to: H. Rishbeth
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winds and the neutral O=N2 ratio, Sects. 6 and 7
conclude the report.
2 Theory
2.1 Height scales
In this study the symbol h stands for real height in
kilometres and Z for ‘reduced height’ measured in units
of the pressure scale height H. The total pressure p on a
given pressure-level Z is given by
pZ  1:04 exp1ÿ Z Pa 1
The base level h0, which is 80 km in CTIP, is denoted by
Z  1 (not Z  0) so the parameters are linked by the
equations
Z  1
Zh
h0
dh
H
2
hZ  h0 
ZZ
1
H dZ 3
in which the integration extends from the base level
(h0  80 km, Z  1) up to the height in question. As
these heights are referred to later in the work, lists of
heights and temperatures, for typical March conditions
at midlatitudes for solar activity F10:7  100, are given in
Table 1.
2.2 Barometric and divergence velocity
The vertical wind velocity in the thermosphere (taken to
be positive upward) can be expressed as the sum of two
components (Dickinson and Geisler, 1968; Rishbeth
et al., 1969):
UZ  WB  WD 4
The ‘barometric’ component in Eq. (4) represents the
rise and fall of constant pressure-levels, due to thermal
expansion or contraction, and is given by
WB  @h
@t
 
p
5
Consider first a simple one-dimensional motion, in
which the expansion or contraction causes purely
vertical up or down winds, with no horizontal flow.
The pressure at any point in the atmosphere is just the
weight of the column of air above that point, so the
amount of air above a given pressure-level is constant
(assuming that the vertical acceleration  the gravita-
tional acceleration g) and the air does not move with
respect to the pressure-levels.
The real three-dimensional thermosphere contains
both vertical and horizontal motions. Since the neutral
air is neither produced nor destroyed, upward wind
must be accompanied by horizontal divergence of air at
great heights, and by horizontal convergence of air at
the bottom of the thermosphere; the opposite situation
applies to downward wind. To balance this divergence
and convergence, the air moves vertically through the
pressure-levels with a velocity called the ‘divergence
velocity’. This velocity is related to the rate of change of
pressure of a given cell of air, and is given by
WD  ÿ 1qg
dp
dt
6
To evaluate WD, it is necessary to compute the
horizontal divergence
P  @nUx
@x
 @nUy
@y
7
where x, y represent horizontal directions, Ux;y are the
winds in those directions, and n is the neutral gas
concentration. Then the flux of air through any given
pressure-level Z, equal to nWD, must balance the height-
integrated divergence above that pressure-level, so that
WD  1n
Z1
Z
P  H dZ 8
from which WD may be numerically computed (the
integration runs from the height in question to the top of
the thermosphere, Z  15 in the model). Note that the
apparently simpler way of computing vertical velocity,
by solving the vertical component of the vector equation
of motion, does not work, the reason being that the
equation is completely dominated by gravity and the
vertical pressure-gradient force, and eectively reduces
to the hydrostatic equation ÿ@p=@h  g (Rishbeth et al.,
1969). Given the limitations of the numerical computa-
Table 1. Pressure-levels, real heights and temperatures for typical midlatitude conditions at F10.7 100
Pressure-level Z 1 3 5 7 8 9 10 11 12 13 14 15
Noon, 12-LT
Height h (km) 80 91 103 127 143 166 197 235 277 321 365 411
Temperature T (K) 180 183 206 373 505 677 801 837 843 843 843 843
Molar mass M 28.8 28.7 27.6 25.0 23.3 21.6 19.8 18.3 17.2 16.6 16.3 16.2
Midnight, 00-LT
Height h (km) 80 91 103 127 142 163 190 222 256 293 331 369
Temperature T (K) 180 183 206 363 488 604 668 694 705 709 710 710
Molar mass M 28.8 28.7 27.6 25.1 23.4 21.6 19.8 18.3 17.3 16.6 16.3 16.2
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tion, all other terms are relatively too small (of order 1/
1000 of gravity) to be evaluated with sucient accuracy.
The circulation is completed by a return flow at lower
levels in the thermosphere, with much smaller wind
speeds corresponding to the higher gas density. No
attempt is made here to model the return flow.
2.3 Eect of vertical motion on composition
For our purposes, chemical composition is specified by
the neutral O=N2 concentration ratio. A simple
extension of the argument of Garriott and Rishbeth
(1963) (see Appendix, Eq. 17) shows that, at any fixed
pressure-level Z , this ratio is not changed by barometric
motion. The divergence velocity, however, does change
the O=N2 ratio at a fixed pressure-level (Rishbeth et al.,
1987). The general rules that relate F2-layer behaviour
to vertical air motions may be summarized thus:
a. The electron density N depends on the O=N2 ratio,
by day and to some extent by night. This is because
(as is well known) the electron production rate
depends on the O concentration, the electron loss
rate depends on the concentrations of molecular gases
(mainly N2).
b. Barometric motion (positive or negative WB) changes
the O=N2 ratio and the mean molar mass at a fixed
height, but not at a fixed pressure-level.
c. Upwelling (positive WD) decreases the O=N2 ratio
and increases the mean molar mass, at a fixed
pressure-level, so tends to decrease the electron
density N. Downwelling (negative WD) has the oppo-
site eect.
The distinction between WB and WD is perhaps more
important in theory than in practice. The computations
show that at F2-layer heights, WB is in general smaller
than WD, and no great dierence would result from
using the total vertical velocity WB  WD instead of just
WD. Nevertheless, the distinction is worth preserving
because of the dierent local time variations: WD is
essentially upward by day, downward by night, while WB
is upward in the morning when the thermosphere is
heating up and expanding, and downward in the evening
and night when the thermosphere is cooling and
contracting.
2.4 The P-parameter
Above the turbopause at 100 km height, there is little or
no eddy mixing, so each major constituent has its own
pressure scale height H and the composition varies with
height. The major neutral constituents at F2-layer
heights are atomic oxygen (atomic mass 16) and
molecular nitrogen (molecular mass 28), their scale
heights being in the ratio 28:16. If these gases are in
diusive equilibrium, it is easily seen that their partial
pressures p vary with height in such a way that
28 ln p(O)ÿ 16 ln pN2  const: 9
Recalling that pressure is proportional to concentra-
tion temperature, it follows from Eq. (9) that the
parameter P defined by the equation
P  28 ln [O]ÿ 16 ln [N2  12 ln T ; 10
(square brackets indicating gas concentrations) is
height-independent in a diusively separated thermo-
sphere. The term 12 ln T (where 12  28ÿ 16) appears
in Eq. (10) because, in general, the temperature T varies
with height. This P-parameter was introduced by
Rishbeth et al. (1987) (although, in that paper, P was
defined with opposite signs on the right hand side of
Eq. (10) and an arbitrary constant was added to make
the numerical values positive).
Only changes of P are important, the absolute values
have no significance. A change of 1 unit in P implies a
change of +3.6% in [O], or a change of )6.2% in [N2],
or a change of +8.3% in T, or a combination of these.
At a fixed pressure-level, it may be more useful to
discuss how P varies with changes of the O=N2 ratio.
Assuming no change of temperature, it is found that (for
example) a change of P by +1 unit represents an
increase of O=N2 ratio of 4.6%, 5.6%, or 6.1% when
the O=N2 ratio is (respectively) 1, 5, or 20 – this being
the range of values of O=N2 ratio applicable to the
noon F2 peak (Zou et al., in preparation 1999).
If the thermosphere is static, or has only barometric
motion, P is independent of height at all levels where O
and N2 are diusively distributed with their own scale
heights. In empirical models of the thermosphere, such
as MSIS (Hedin, 1986), diusive equilibrium is assumed
to exist above 120 km, even though the composition
may vary horizontally. How far this situation holds in
the dynamic thermosphere, as modelled by CTIP, is
discussed in Sect. 5.
3 Modelling with the coupled thermosphere-ionosphere-
plasmasphere (CTIP) model
3.1 Main features of CTIP
The modelling was done with the coupled thermosphere-
ionosphere-plasmasphere model (CTIP) described by
Fuller-Rowell et al. (1996), Millward et al. (1996b) and
Field et al. (1998). The parameters are computed at 15
pressure-levels, Z 1–15, spaced at vertical intervals of
one scale height (see Table 1), and on a global grid with
spacing 2 in latitude and 18 in longitude.
The model runs used for this study assume moderate
solar activity, corresponding to F10:7  100. Some com-
parisons are made with model runs for higher solar
activity, F10:7  180. Fairly quiet geomagnetic condi-
tions (Kp  2) are assumed throughout. The results
shown are for December and June solstices and March
equinox, though model runs for other months are
available. Further details of the runs are given by Zou
et al. in preparation (1999).
The results are mainly concerned with midlatitudes,
i.e. the zones between the magnetic equatorial region
and the auroral ovals. In the equatorial zone, within
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about 20 of the magnetic equator, F2-layer behaviour is
strongly influenced by the low-latitude system of electric
fields, but this zone is not important to the present work
because the modelled electrodynamic drift, taken from
Richmond et al. (1980), is found to have little eect on
the neutral composition (see Sect. 5).
3.2 Magnetic geometry
CTIP uses a geomagnetic field model with oset poles,
situated at 81N, 78W and 74S, 126E. The poles are
surrounded by the eccentric auroral ovals, which are
belts about 10 wide that receive energy from electric
fields and energetic particles generated by magneto-
spheric processes. These energy inputs are specified in
CTIP by the Tiros particle precipitation model (Fuller-
Rowell and Evans, 1987) and by a statistical model of
the polar electric field (Foster et al., 1986) that extends
down to 65 magnetic latitude. For present purposes,
these inputs are assumed not to change with the time of
year. The low-latitude boundaries of the ovals, which
play an important part in determining the thermospheric
circulation, lie at about 75 magnetic latitude at noon
and 66 magnetic latitude at midnight. Because of the
osets of the magnetic poles, the corresponding geo-
graphic latitudes vary with longitude, by about 8 in
the north and 15 in the south.
4 Maps of winds, divergence velocity and O=N2 ratio
4.1 Maps
Figure 1 shows global snapshots at 12 UT of the
temperature field and horizontal wind field at the top
of the thermosphere, for December, March and June.
The patterns at the F2-peak are very similar. At
equinox, both temperature and wind fields are broadly
symmetrical about the equator, with ‘highs’ and ‘lows’
of temperature (and pressure) centred near local times
16 LT and 04 LT respectively, corresponding to longi-
tudes 60E and 120W. At solstice the afternoon ‘high’
moves to the summer hemisphere, the early morning
‘low’ to the winter hemisphere. At high latitudes, the
details of the wind field depend on the positions of the
magnetic poles and the auroral ovals. At 12 UT, as
portrayed in Fig. 1, the South magnetic pole is in the
evening sector (20 LT) and the North magnetic pole in
the morning sector (07 LT).
On the left, Fig. 2 shows latitude/local time maps of
the vertical divergence velocity at pressure-level Z  12
(as defined in Eq. 1, the real height being about 277 km,
near the daytime F2 peak) at longitude 0 in December,
March and June. On the right of Fig. 2 are O=N2 ratios
for the same conditions. Notice that the maxima or
minima of the O=N2 ratio and of WD do not always
coincide, as discussed in Sects. 4.2 and 6.
Look first at the plots for March equinox. The
patterns of WD and O=N2 are almost symmetrical
about the geographic equator, which at this longitude
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798 H. Rishbeth, I. C. F. Mu¨ller-Wodarg: Vertical circulation and thermospheric composition: a modelling study
coincides with the magnetic equator. WD is basically up
by day and down by night, with fairly sharp boundaries
at dawn and dusk. The O=N2 ratio likewise has a
basically day-to-night variation. Now look at the March
wind field in Fig. 1. At the equator, the wind vectors lie
almost east-west, so the prevailing (24-hour average)
meridional wind is very small (it is actually 0–3 m sÿ1 at
the equator, depending on longitude) so there is no net
north-to-south transport of air at these heights.
Now look at the December plots in Figs. 1 and 2. At
the equator there is a prevailing meridional wind of 25–
30 m sÿ1, which varies with longitude. Again, W D is
basically up by day and down at night, with the
boundary roughly following the sunrise/sunset line;
but there is now a strong downwelling region at 60–
75N at most local times, with narrow bands of
upwelling in the auroral ovals. But the December
O=N2 ratio diers dramatically from the March
pattern, with a dominant winter/summer gradient and
a weak local time variation. The June plots in Fig. 2 are
almost mirror images of the December plots, with minor
dierences due to the magnetic geometry. As in the
March case, there is complex structure in the vicinity of
the auroral ovals in both hemispheres.
If solar activity is increased from F10:7  100 to
F10:7  180, the patterns of neutral gas temperature and
WD are very much the same as in Figs. 1 and 2, with the
numerical values of T and WD multiplied by a factor of
1.6.
The 0 meridian represents an average situation, being
not very close to the magnetic pole in either hemisphere.
The equatorward boundaries of the northern and
southern auroral ovals are at high geographic latitudes
(77N and 80S). At other longitudes the same basic
description of WD and O=N2 ratio holds, though with
appreciable dierences due to the geographic latitudes of
the magnetic poles, as now discussed in Sect. 4.2.
4.2 Latitude profiles
The line diagrams of Fig.3 show in more detail how the
divergence velocity WD, the O=N2 ratio and peak
electron density NmF2 vary with latitude at longitudes
90E and 90W. Again, the figure is drawn for pressure-
level Z  12 which is near the daytime F2 peak. The
black blocks mark the northern and southern bound-
aries of the auroral ovals. First, notice in the plots of WD
that moderate upwelling (about 1m sÿ1) occurs at all
seasons at middle and low latitudes. Downwelling at
subauroral latitudes occurs even in summer but is much
more prominent in winter (though at 90E, the southern
downwelling zone at 60S is quite weak even in June
winter). At auroral latitudes, upwelling takes place at all
seasons, usually more strongly in winter and equinox
than in summer.
In ‘near-pole’ longitudes, namely the North Atlantic
and Australasian sectors, the noon auroral ovals are at
moderate geographic latitudes, 66–76N at 90W and
60–68S at 90E (in Fig. 3, towards the right of the
90W plots and towards the left of the 90E plots). In
winter, the lower boxes in Fig. 3 show that downwelling
is confined to narrow zones between the auroral ovals
and the sunlit midlatitude thermosphere, where there is
no strong input of energy to oppose downwelling. The
middle boxes in Fig. 3 show that these latitude zones
contain high O=N2 ratios of 15–30 (i.e. 1.2 to 1.5 on the
log10 scale). Because these zones are in sunlight, the high
O=N2 ratios give rise to large values of NmF2.
In ‘far-from-pole’ longitudes, namely the South
American/Antarctic sector at 90W and the Asian/
Arctic sector at 90E (in Fig. 3, towards the left of the
90W plots and towards the right of the 90E plots), the
situation is quite dierent. The noon auroral oval
straddles the geographic poles, and upwelling due to
auroral input is seen only at the very edges of the plots.
Downwelling in winter takes place over zones about 20
wide, equatorward of the ovals and beyond the reach of
winter sunlight, which are thus devoid of any solar and
auroral energy input that could cause upwelling. These
zones of strong winter downwelling are particularly
deep, with values of WD down to ÿ2m sÿ1, more
negative than in near-pole longitudes, and O=N2 ratios
as high as 50 (i.e. 1.7 on the log10 scale). But, even
though the O=N2 ratios are larger than in the ‘near-
pole’ longitudes, NmF2 is very small because of the
absence of sunlight. As discussed by Millward et al.
(1996a), Rishbeth (1998) and Zou et al. in preparation
(1999), factors such as these largely determine the
worldwide distribution of the seasonal and semiannual
variations in NmF2.
The O=N2 latitude profiles have less structure than
the profiles of WD. This suggests that the redistribution
of air by the horizontal wind has a smoothing-out eect.
The strong zonal winds at winter subauroral latitudes
seem to play a particular part in enhancing the O=N2
ratio. At middle and low latitudes, the relation between
NmF2 and the O=N2 ratio is complicated by the
latitude variations of solar zenith angle and, in the
equatorial zone, by the influence of the electric fields
that produce the ‘Appleton anomaly’. This question is
discussed further by Zou et al. in preparation (1999).
5 Cross sections of divergence velocity and P-parameter
As explained in Sect. 2.4, the parameter P is indepen-
dent of height in a thermosphere in diusive equilibri-
um. The latitude/height cross sections of Fig. 4 show
that this situation does not always apply. At the bottom
of the thermosphere (pressure-levels 1–3, corresponding
to 80–91 km), P is small because there is little atomic
oxygen. Above level Z  3 at 91 km, the photochemical
processes cause an upward increase of [O], so P increases
upward. Above about Z  7 at 127 km, diusion
becomes dominant over photochemistry, but diusive
equilibrium is not fully established until about Z  9 at
about 166 km, and in some places even higher.
The March plots in Fig. 4 show that the distribution
of P is almost symmetrical about the geographic
equator, which at this longitude (0) coincides with the
magnetic equator. Results for other longitudes, where
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Fig. 4. Cross sections of P-parameter versus geographic latitude and pressure-level Z at local noon and midnight, longitude 0, for December,
March and June. See Table 1 for the relation between pressure-level Z and real height. Contour interval 5 units
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Fig. 5. Cross sections of divergence velocity WD versus geographic
latitude and pressure-level Z at local noon and midnight, longitude
0 , for December, March and June. The contour interval is
0.1 m sÿ1. At middle and low latitudes (i.e. excluding auroral
latitudes), the greatest upward values at noon are approximately
+1 m sÿ1, and the greatest downward values at midnight are
approximately ÿ0:7 m sÿ1
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the magnetic and geographic equators do not coincide,
show some geomagnetic influence on the distribution of
P. In high midlatitudes ( i.e. equatorward of the auroral
ovals), at latitudes 50–60 in both hemispheres, P is
enhanced by 5–10 units above its value at low latitudes
and polar latitudes.
The March noon plot in Fig. 5 shows that the
divergence velocity WD is very small (<0.1 m sÿ1) below
about pressure-level Z  8 (140 km). Above this level
WD is upward, mostly in the range 0.5–1 m sÿ1; it varies
slowly with height but is fairly constant in latitude, with
broad maxima at 30–40 in both hemispheres and
complex structures in the auroral ovals (particularly the
northern oval). At March midnight, WD is downward
(about ÿ0:5 to ÿ1m sÿ1) and nearly uniform with
latitude, almost everywhere above Z  8, except for the
complex structure in auroral latitudes. The amplitudes
of WD vary somewhat with longitude.
At solstice (top and bottom plots of Fig. 4), there are
strong summer-to-winter gradients of P both by day and
night. Figure 4 shows that in summer P becomes
independent of height (i.e. the contours of P(Z) become
vertical) only above Z  9, at a height of 160 km or
more. Models such as MSIS generally assume diusive
equilibrium exists above 120 km (corresponding to
Z  6:5 in CTIP), but this assumption may introduce
errors of 25% or more in model values of O=N2 ratio
at F2-layer heights, particularly in summer.
All the results shown in this study apply to fairly
quiet geomagnetic conditions. Rishbeth et al. (1987)
showed that larger vertical variations of P occur under
storm conditions, and the vertical distributions of
individual constituents depart more from diusive
equilibrium than the examples shown here.
Another conclusion that may be drawn from Fig. 4 is
that the electric fields near the magnetic equator, which
produce the well-known ‘fountain eect’ and the F2-
layer equatorial anomaly, have no great eect on neutral
composition. This is most easily seen on the March
plots, which show that equatorial eects on P are no
more than 2 units. This implies that, as expected from
theory (e.g. Dougherty, 1961), the electric field system
cannot transfer enough energy to the neutral air at F2-
layer heights to produce significant upward motion,
which might then aect the O=N2 distribution.
6 Discussion
As noted in Sect. 4, the maxima and minima of WD,
O=N2 ratio and NmF2 are not closely related to one
another. Besides the factors there mentioned, namely
solar zenith angle and the equatorial anomaly, there are
other possible reasons. First, thermospheric structure
takes time to adjust to changing motions, so the eect of
WD on O=N2 ratio is not immediate. The eect of this
delay is dicult to evaluate, but it might be represented
by a time-weighted integral with some decaying ‘time-
weighting’ function gt, of the general form
O=N2 ,
Z
WDt gtdt 11
Second, Fig. 1 shows strong zonal winds, especially
in the vicinity of the auroral ovals, so the O=N2 ratio at
any place depends to some extent on upwelling and
downwelling at other longitudes. In this case, the
integration implied by Eq. (11) becomes even more
complicated, because it would have to follow the zonal
and meridional motion of the air and would thus require
a spatial ‘cell-tracking’ procedure, e.g. Burns et al.
(1991).
The composition changes, though locally produced
by vertical motions, are smoothed out by horizontal
winds. As mentioned in Sect. 4, the global wind system
shown in Fig. 1 has a summer-to-winter prevailing
component at solstice, typically 30 m sÿ1 or 2700 km
per day, which carries air from summer to winter
midlatitudes in a few days. The prevailing zonal wind,
also of order 30 m sÿ1, carries air from west to east in
the winter hemisphere and east to west in the summer
hemisphere. This movement of 2700 km per day repre-
sents about 30 of longitude or two hours of local time,
depending on latitude.
Although the prevailing winds determine the gross
features of the distribution of O=N2 ratio, the details
depend also on the daily variations. The amplitudes of
the meridional and zonal wind components are typically
50 m sÿ1, giving a daily excursion of order 800 km.
Although not negligible, this oscillation is smaller in
scale than the daily summer-to-winter prevailing motion
of 2700 km. Near the auroral ovals, the zonal winds are
larger and their eect on the transport of air may be
quite important, as suggested in Sect. 4.
From a perusal of the results for intermediate
months, it is found that the seasonal changes take place
quite quickly around equinox, essentially between Feb-
ruary and April, and between August and October.
During the solstice seasons, conditions are fairly stable,
except for midwinter reductions in NmF2, which are
caused partly by the large solar zenith angle at high
midlatitudes and partly by the strong poleward winds.
7 Conclusion
The modelling shows that upwelling of the neutral air,
which lowers the neutral O=N2 ratio, takes place over
the sunlit thermosphere (and also locally in the auroral
ovals). Downwelling, which raises the O=N2 ratio,
takes place mainly at night. Downwelling also takes
place in the regions of sparse energy input, between the
winter sunlit region and the daytime auroral ovals.
These regions are broader and more extensive in ‘far-
from-pole’ longitudes (i.e. remote from the magnetic
poles) than in ‘near-pole’ longitudes. Although the study
is not primarily concerned with F-layer anomalies, its
results should help to explain them.
Despite the large O=N2 ratios they contain, the
winter high latitude ‘far-from-pole’ areas (around lati-
tudes 70–80N at 90E in December, and latitudes 70–
80S at 90W in June) have very low values of NmF2,
because of the weakness or absence of sunlight. These
oxygen-rich regions are likely to be more pronounced in
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theoretical models than in the real ionosphere. Codrescu
(private communication) finds that, when the natural
variability of the high latitude energy inputs is taken
into account, the latitude variation of O=N2 ratio in
these sectors is much less striking than in the CTIP
model results. Nevertheless, the CTIP model predicts
that large values of O=N2 ratio ought to be detectable
by satellite-borne instruments in these zones.
The patterns of NmF2 and O=N2 ratio do not seem
sensitive to solar activity. They are almost the same for
F10:7  180 as for the value F10:7  100 illustrated in this
work, though with numerical dierences. Further inves-
tigation is needed of the eects of magnetic disturbance,
and of tides and waves transmitted from the middle
atmosphere.
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Appendix
For any gas (molecular mass M) the concentration n
varies with real height h as
nh  n0T0Th  exp ÿ
Zh
h0
dh
H
264
375  n0T0
Th
eÿz 12
where n0 and T0 are the concentration and temperature
at the base height h0, and nh and Th are the concentra-
tion and temperature at any height h above h0, and Z is
the reduced height as defined in Sect. 2.1 (but taking the
height h0 to be Z  0, instead of Z  1 as in CTIP, see
Eqs. 2 and 3).
For two or more individual gases 1; 2; . . ., in diusive
equilibrium, the reduced heights Z1; Z2; . . . may be
defined thus:
Z1h 
Zh
h0
dh
H1
; Z2h 
Zh
h0
dh
H2
13
It may be assumed that all neutral gases 1; 2; . . . are at
the same temperature, T. Recall that for any gas (j) the
scale height Hj  kT =Mjg (where k = Boltzmann’s
constant). Although the argument holds equally for
any number of gases, consider just two gases 1, 2. Then
at all heights h > h0:
Z1
Z2
 H2
H1
 M1
M2
14
because, in Eq. (13) that define Z1 and Z2, the only
dierence is in the molar masses M1 and M2. Using n0;1
and n0;2 to denote concentrations at the base level h0, the
pressure at this level is
p0  n0;1  n0;2  kT0 15
and using Eq. (12), the pressure ph at any higher level h
is
ph  ph;1  ph;2
 nh;1  nh;2  kTh  n0;1eÿZ1  n0;2eÿZ2  T0Th kTh 16
Any particular value of pressure p p1  p2 is charac-
terized by its particular values Z1 and Z2. Now suppose
the temperature profile T h changes in any arbitrary
way. The real height h of this pressure-level will change,
in accordance with Eq. (3) (but again neglecting the ‘1’).
Irrespective of how T varies, the concentration ratio of
gases 1 and 2 at this constant pressure level is given by
nh;1
nh;2
 n0;1
n0;2
eZ2ÿZ1  n0;1
n0;2
e
z2
M2ÿM1
M2
 
17
Since M2 ÿM1=M2 is a constant, it follows that the
ratio n1=n2 remains constant at any fixed value or
pressure p  p1  p2, provided the ratio n0;1=n0;2 is
constant. The same holds for any number of gases. In
other words, provided the composition remains fixed at
the base level h0, the composition at any other fixed
pressure-level also remains fixed, so long as the gases are
in diusive equilibrium.
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